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Abstract

The North Atlantic meridional overturning circulation (MOC) is
believed to play an important role in regulating the Earth's climate.
Yet, there is still much uncertainty regarding the dynamics of the
MOC and its variabilit y. It is well established,however, that, through
geostrophy, the zonally integrated meridional transport at a particular
latitude and depth can bedetermined from the east-west bottom pres-
sure di�erence acrossthe basin. Therefore, rather than consider the
MOC as a large-scalesystem, this paper focuseson the dynamics of
this geostrophicrelationship in two numerical oceanmodelsat a single
latitude (50� N) in the sub-polar Atlantic. First, it is shown that the
bottom pressureon the westernboundary is su�cien t to recover, with
high �delit y, the interannual meridional transport variabilit y at 50� N
over a one hundred year period in the climate model HadCM3. It is
found that the variabilit y of westernboundary pressureis closelyasso-
ciated with density changesover the continental slope. Thesechanges
lead to a large zonal gradient in potential energy and imply an un-
feasible, depth-mean velocity over the slope. The western boundary
pressure, from which the meridional transport can be recovered, is
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generatedas a compensation to this, and limits the depth-mean 
o w.
This demonstrates that in numerical ocean models, at least, merid-
ional transport variabilit y is generatedas a local responseto density
changeson the western slope. Whether this is a true representation
of actual ocean variabilit y is uncertain, but if it were, then merid-
ional transport variabilit y could largely be determined using only the
density �eld on the western slope.
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Figure 1: An exampleof the North Atlantic temporal meanmeridional over-
turning streamfunctioncomputedfrom the OCCAM model by zonal integra-
tion of velocity �elds acrossthe basin.

1 In tro duction

Much recent interest in the dynamicsof the North Atlantic's meridional over-
turning circulation (MOC) has beenstimulated by modelling studieswhich
have suggestedthat a collapseof the MOC would result in a dramatic change
in the Northern hemisphereclimate [Manabe and Stou�er , 1999;Vellinga and
Wood, 2002;Wood et al., 2003];a concernstrengthenedby evidencethat such
changeshave occurred in the past [McManus et al., 2004]. Within an ocean
model, at least, the time-mean MOC is easily visualisedby computing the
streamfunction of the zonally integrated mean transport as a function of
depth and latitude (seeFigure 1). However, due to a paucity of suitable
observations, a similar characterisation of the physical MOC is not soeasily
obtained, but those studies that have beendone, seemto con�rm, at least
qualitativ ely, the abilit y of numerical oceanmodelsto reproducethe present,
steadystate MOC [Ganachaudand Wunsch, 2003;Talley et al., 2003].

While there is still much debateconcerningthe driving forcethat main-
tains the steady state of the MOC, it is more certain that deepwater for-
mation through convection in the sub-polar North Atlantic and Nordic Seas
plays a critical role in supplying mass,if not energy, to the overturning circu-
lation (seereview paper by Kuhlbrodt et al. [2007]). Variabilit y of the MOC
has been linked to changesin the rate of deepwater formation, with some
�nding convection in the Labrador Seaof primary importance[Marsh, 2000;
Cooper and Gordon, 2002;Latif et al., 2006],and others �nding the Nordic
Seasthe greater contributor to MOC variabilit y [Gerdesand K•oberle, 1995;
Koltermann et al., 1999;K•ohl and Stammer, 2008;Guemasand Salas-M�elia,
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2008;Deshayesand Frankignoul, 2008]. In turn, the changesin deepwater
formation rate through convection have been linked to the North Atlantic
Oscillation (NAO) [Mauritzen and Hakkinen, 1999;Hakkinen, 2001;Curry
and McCartney, 2001; Eden and Jung, 2001; Eden and Wil lebrand, 2001;
Esselborn, 2001;Chenget al., 2004],which, in its more vigorousstate, deep-
ensthe mixed layer and promotesconvection through enhancedcooling and
mixing. Alternativ ely, Mauritzen and Hakkinen [1999],while also �nding a
link between the NAO and MOC, proposethat this occurs largely through
changesin the volumeof water classes,dueto the entrainment of thermocline
waters by the denseover
ows at the Greenland-Scotlandridge. There is also
somedebateas to whether the ocean,and in particular the MOC, responds
passively to the NAO or plays an active role assuggestedby Edenand Great-
batch [2003]. Additionally , Spall [2008]concludesthat low frequencyMOC
variabilit y can be generatedby many factors other than buoyancy 
uxes,
including lateral advection, acting on the baroclinic pressuregradient in the
mixed layer. Moreover, it has beensuggestedthat MOC variabilit y can be
generatedinternally, with no external atmosphericforcing, through the in-
teraction of horizontal pressuregradients and the oceancirculation [Zhu and
Jungclaus, 2008].

The MOC is generallyconceivedof asa large-scalefeatureof the ocean's
circulation, asexempli�ed by the streamfunction in Figure 1, and the phrase
MOC variability is suggestive of meridionally coherent variabilit y of this
large-scalefeature. Clearly, due to massconservation, on sometimescale
this must be the case.In fact, simplemodelspredict that meridional adjust-
ment to the rate of deep water formation at high latitudes occurs rapidly
through southward propagating coastally trapped waves[e.g.Kawase, 1987;
Johnson and Marshall , 2002], supporting the notion of a meridionally co-
herent entit y, at all but the shortest timescales. However, in a range of
sophisticated numerical models Bingham et al. [2007] found that much of
the zonally integrated meridional transport variabilit y (henceforth,often ab-
breviated to transport variabilit y) at any particular latitude is localisedand
only weakly correlatedwith the transport variabilit y at other latitudes, even
for interannual variabilit y. Furthermore, both Simeet al. [2006]and Cabanes
et al. [2008]describe how the factors driving transport variabilit y are lati-
tudinally dependent. This apparent discrepancycan perhapsbe resolved by
thinking of the transport variabilit y at any particular latitude as being the
sumof a meridionally coherent mode (of the sort evoked by the phraseMOC
variabilit y) and locally generated,meridionally incoherent variabilit y.

Becausethesetwo components of transport variabilit y are not readily
separated,in this study, rather than attempting to explain MOC variabilit y
as part of a large-scalesystem,we shall restrict ourselves to understanding
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the total transport variabilit y at a single latitude. However, we focus on
50� N, which, from our previous work, appearsgives the clearestpicture of
low-frequency meridionally coherent transport variabilit y [Bingham et al.,
2007]. We take as our starting point the geostrophicbalancethat is known
to hold betweenthe zonally integratedmeridional transport and the east-west
pressuredi�erence acrossthe basin. Con�rming a result from our earlierwork
[Binghamand Hughes, 2008]we �nd that much of the transport variabilit y at
50� N in HadCM3 can be recovered from pressureon the western boundary.
Previously, we have used this to show how the MOC could potentially be
monitored using measurements from the western boundary. Here, however,
our primary objective is to show that it is to the western boundary that
we must look if we are to understandthe proximate mechanism of transport
variabilit y at 50� N. We �nd that the westernboundary pressureariseslocally
from changesin the density �eld over the continental slope. Given that 50� N
intersectsthe sub-polar gyre, and knowing that deepwater formation occurs
in the westernpart of the basin, it is not surprising that we �nd such density
anomalieson the western boundary. However, that thesedensity variations
leadto the bottom pressuresignalfrom which wecandeterminethe transport
variabilit y is a surprising result.

In the next sectionwe show how the temporal variabilit y of the merid-
ional transport canbe decomposedin such a fashionthat its calculation only
dependson relative, rather than absolute, sealevel. This is important due
to di�culties with the diagnosisof sealevel from the HadCM3 model. Brief
descriptionsof the models usedare provided in Section 3. In Section 4 we
give a qualitativ e account of the transport variabilit y at 50� N in HadCM3,
followed by a demonstration of the geostrophiccalculation and an examina-
tion of the �elds from which the transport variabilit y is determined. This is
supplemented by an examination of the same�elds in the higher resolution
OCCAM model in Section5. In section6 we proposea mechanismto explain
how density variations lead to the required bottom pressuresignal. Finally,
in Section7, our results are discussed,and conclusionsare provided.

2 Decomp osition of the meridional transp ort

According to geostrophy, in the absenceof intervening topography, at each
latitude the zonal integral of the meridional transport asa function of depth
is given by

T(z) =
pb

e(z) � pb
w(z)

� 0f 0
; (1)
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wherepb
e(z) and pb

w(z) are the bottom pressureson the easternand western
boundariesof the basin, � 0 is the mean density of seawater, and f 0 is the
Coriolis parameter. (For a more complete justi�cation of equation (1) see
Bingham and Hughes [2008].) Equation (1) can be used to compute the
absolute transport given the absolute pressure�eld. However, here we are
concernedwith transport variabilit y, and soit canbe assumedthat the time-
meanhasbeenremovedfrom the pressures,andT is the anomaloustransport.
z is positive out of the oceanand z = 0 correspondsto position of the time-
meanseasurface.

The basin boundariesare, of course,formed by the continental slopes.
Becausethesehave �nite gradients, over the slopes, quantities, such as sea
level and bottom pressure,which are more usually thought of as varying
with lateral position, can also be viewed as dependent on depth. For a
zonally dependent �eld F (x) (we ignoremeridional dependence,sincewe are
consideringa �xed latitude), we use the notation Fe;w(z) � F (x = xe;w(z))
to indicate the value of F at the zonal position x = xe;w(z) on the eastern
(subscript e) and western (subscript w) boundariescorresponding to depth
z.

Equation (1) assumesno interveningtopography. Yet, at 50� N the Mid-
Atlantic Ridge (MAR) shoalsat a depth of 2800m. Potentially , therefore,
at this latitude the geostrophictransport calculation at depthsbelow 2800m
may needto take into account the pressureon the 
anks of the MAR, and
the transport below 2800mwould then be given by the sum of the pressure
di�erence betweenthe easternboundary and the eastern
ank of the MAR
and pressuredi�erence betweenthe westernboundary and the western
ank
of the MAR. However, it will be shown below that neglectof the MAR has
no signi�cant e�ect on the transport calculation at the timescalesof interest
here. The reasonsfor this are described in Bingham and Hughes[2008].

Assuminghydrostatic balance,the bottom pressureon the boundaries
is given by

pb
e;w(z) = g� 0(� e;w � � s

e;w); (2)

where � e;w is anomaloussealevel (relative to the time-mean seasurface)at
the easternand westernboundary points, g is the accelerationdueto gravit y,
and

� s
e;w = �

Z 0

z
� e;w(z0)=� 0dz0 (3)

is the steric component of the anomaloussealevel resulting from the anoma-
lous density �eld � e;w (the absolute density minus its time mean) over the
depth of the water column at the boundary points. Substitution into equa-
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tion (1) leadsto

T(z) = gf (� e � � s
e) � (� w � � s

w)g=f 0: (4)

For this analysisit is usefulto decomposethe meridional transport into
a depth-meancomponent T and a depth-dependent component T̂, and to fur-
ther decomposeeach of theseinto easternand westernboundary components
(although, this doesnot imply that the actual 
o w is on either the eastern
or westernboundary, only that this is wherethe quantities in the calculation
are located). Thus, we have

T = (Te � Tw) + (T̂e � T̂w): (5)

The depth-meancomponents are given by:

Te;w = g(� e;w � � s
e;w)=f 0; (6)

where

� e;w =
1

Hmax

Z 0

� H max

� e;wdz (7)

is the depth-mean of sea level over the boundary, and similarly for � s
e;w.

Hmax is the depth at the bottom of the slope. Finally, the depth-dependent
components of the meridional transport are given by:

T̂e;w = g(�̂ e;w � �̂ s
e;w)=f 0 (8)

where �̂ e;w = � e;w � � e;w and similarly for �̂ s
e;w.

As Bingham and Hughes[2008]show, the depth independent compo-
nent of the meridional transport is dominated by the geostrophiccompensa-
tion of the Ekman transport. The dynamicsof this are relatively well under-
stood, and, in an observational context, this component could be recovered
from the wind stress. Therefore, our focus in this paper is the dynamics
of the depth-dependent component of the meridional transport. The above
derivations show that this doesnot depend of the absolutevalue of sealevel
at either boundary, only on its zonalvariation over the lateral rangesspanned
by the boundaries. This is important for the present study using HadCM3
since,as described in the appendix, it is only possibleto determine the rel-
ative value of sealevel, not the absolute value, with su�cien t accuracyfor
usein the geostrophiccalculation.
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3 The models

The results of this paper are basedon two quite di�erent numerical models.
The �rst is the Hadley Centre coupled atmosphere-oceanmodel HadCM3,
which simulates a realistic and stable present day meanclimate without the
needof unphysical 
ux adjustments requiredin many coupledmodelsin order
to prevent climate drift [Gordon et al., 2000]. The atmosphericcomponent
of HadCM3 has a resolution of 2:5o in latitude and 3:75o in longitude, and
has 19 vertical levels. The oceaniccomponent has a horizontal resolution
of 1:25o in both latitude and longitude, and has 20 depth levels, which vary
in thicknessfrom 10m near the surface to 500m at the bottom. Here we
examinea 100year section(years2079{2178)from a control run of HadCM3
with pre-industrial atmospheric conditions. For this run, the model was
initialised from the climatology of Levitus [Levitus et al., 1994;Levitus and
Boyer, 1994],with a spin-up period of 360years.

The secondmodel is the eddy-permitting OceanCirculation and Cli-
mate Advanced Modelling project model (OCCAM), run at the National
Oceanography Centre, Southampton. OCCAM is a z-coordinate, global,
free surfacemodel with a rotated grid over the North Atlantic, forced with
6-hourly ECMWF atmosphericdata. The run we are considering(run 202)
is at 0.25 degreeresolution, with 66 vertical levels, over the 19-year period
1985{2003,after 4 yearsof spin-up [Coward and de Cuevas, 2005].

In this study we are concernedwith interannual variabilit y. For the
analysedmodel output, this component hasbeenextracted by removal of the
meanseasonalcycleand the application of a 13-month boxcar �lter. Hence-
forth, to save repetition, in all referencesto variabilit y, it can be assumed
that we meaninterannual variabilit y.

4 Meridional transp ort in HadCM3

4.1 Descriptiv e account

We begin with a descriptive account of the zonally-integrated meridional
transport variabilit y at 50� N in HadCM3. Figure 2a shows that, unlike the
time-mean transport (as illustrated in Figure 1), the transport variabilit y
cannot be neatly partitioned into discreteopposing layers. However, we can
identify two prominent events, roughly betweenyears20 and 30, and years
55 and 65, where the northward transport increasesby several sverdrups
above 1800m, while below there is a corresponding increasein southward
transport. We therefore take the integral of the transport over the depth
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range100-1800m(which we shall denoteby TU ) asan index of the transport
variabilit y at this latitude (Figure 2c, red). This shows that for the two
prominent events the increasein transport strength is about 4.5Sv over a
period of 10 years.

To seehow the transport variabilit y at 50� N is related to the variabilit y
at other latitudes, we calculate normalisedEmpirical Orthogonal Functions
(EOFs) from the zonally-integrated meridional transport as a function of
latitude and depth. The leadingEOF (Figures2b and 2c,blue) demonstrates
that the transport variabilit y at 50� N is part of a larger-scalecoherent pattern
of variabilit y that extends over the entire meridional extent of the North
Atlantic basin. This mode is the dominant component north of about 40� N,
explaining a large fraction of the variance in this region. South of 40� N it
accounts for much lessof the variance above 2000m(because,as Bingham
et al. [2007]show, higherfrequencyvariabilit y is greaterhere). Yet, it remains
the dominant feature in the deeper ocean. Note that someof the moreshort-
term 
uctuations at 50� N do not appear in the temporal function of EOF1,
indicativeof their morelocalisednature. The two prominent events, however,
do appear in the temporal function, showing that they re
ect large-scale
changesin the North Atlantic MOC.

4.2 Geostrophic calculation

Above we showed how the transport variabilit y can be partitioned into east
and west informational components. Herewe perform the described calcula-
tions using the model data at 50� N. There are two reasonsthat motivate us
in this regard: Firstly, from a practical, observational perspective, it provides
someinsight regardingsuccessfulstrategiesfor monitoring the MOC, the ob-
ject of on-goinge�orts. Secondly, and perhapsmore importantly, it points
us in the direction we should look if we wish to understand the underlying
dynamics of the transport variabilit y. As we seedirectly below, it is to the
western boundary we should look in both regards. Later it will be shown
that it is the nature of the density variations on the western slope that are
the proximate causeof the westernboundary pressurevariations from which
we can recover much of the transport variabilit y at 50� N.

For the OCCAM model, Binghamand Hughes[2008]show that bottom
pressurefrom the westernboundary is su�cien t to determine the transport
variabilit y at 42� N. Figures 4 and 3 show, in much the sameway as we did
for OCCAM, the results of a similar geostrophiccalculation of the trans-
port variabilit y at 50� N in HadCM3. Comparing Figure 4a with the directly
integrated transport (Figure 2a) shows that the geostrophiccalculation us-
ing both east and west boundary pressuresis successfulin recovering most
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Figure 2: (a) The interannual variabilit y of the zonal integral of meridional
transport at 50� N in HadCM3 for the 100 year control run. (The units of
Sv/km are used merely as a convenient scaling.) (b) The spatial function
of the leading EOF of interannual zonally integrated meridional transport
variabilit y in HadCM3 (contour interval is 0.1Sv). Colours represent the
percent of the interannual varianceaccounted for by the leadingEOF at each
depth and latitude. (c) The total interannual meridional transport within
the depth range 100-1800m(red) and the temporal function of the leading
EOF (blue).
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of the transport variabilit y in HadCM3 at 50� N. This is con�rmed in Fig-
ure 4b, which shows the di�erence betweenthe geostrophicallyand directly
computed transports. However, the fact that the residual is non-zeroshows
the determination is not entirely successful.In part, this is due to the nu-
merics of the calculation, which involve interpolation and �nite di�erences.
It is also due to the fact that we have, as discussedabove, neglectedany
pressuredi�erences resulting from the intervening topography. Figure 3a,
which shows the depth integral of the meridional transport over the upper
layer de�ned earlier, summarisesthe accuracyof the geostrophiccalculation.
The correlation of the geostrophicallycomputedtimeserieswith the directly
determinedtimeseries,TU , is 0.91,and accounts for 82%of the total variance
in TU .

Next we considerour abilit y to determinethe transport variabilit y us-
ing only pressurefrom the western boundary. Figures 4c and 4d con�rms
our earlier result from OCCAM that most of the information required to
determineto transport variabilit y, at least in a numerical model, is found on
the western boundary. In particular, we �nd that the two large transport

uctuations are well determined from the western boundary pressure. For
the upper layer timeseries(Figure 3b) the correlation with TU is 0.94and the
skill (percent of varianceaccounted for) is 88%. In contrast to the western
boundary, very little of the transport variabilit y at 50� N can be recovered
using only the easternboundary pressure(seeFigures4eand 4f, and Figure
3c). When we omit the pressureon this boundary from the geostrophiccal-
culation we do losepart of the meridional transport variabilit y in the upper
1300. But this is a relatively small fraction of the total transport, and the
result of the EOF analysisgiven above suggeststhat it is quite localised,and
not part of the basin-scalecoherent mode captured by the westernboundary
component.

Someinsight into theseresults can be gained from an examination of
the �elds involved in the geostrophiccalculation, namely sealevel � , steric
height � s, and, the di�erence betweenthesetwo, bottom pressurepb (when
expressed,as it will be throughout this paper, as an equivalent thickness
of seawater h = pb=g� 0). Considering �rst the variabilit y on the western
boundary, we seethe two most prominent 
uctuations are clearly manifest
in the Hovm•oller plot of bottom pressure(Figure 5a). As the transport
increasesin strength near the end of the seconddecade,and again near the
end of the �fth decade,we seethat the bottom pressuregoesfrom positive
to negative above the 1800m isobath and from negative to positive below
1800m. The relationship is clearly consistent with the geostrophicbalance
given by equation (1).

Apart from the bottom pressuresignal associated with thesetwo large
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Figure 3: Testingthe geostrophiccalculation of the zonally integratedmerid-
ional transport variabilit y at 50� N in HadCM3: (a) The upper layer (100-
1800m) meridional transport directly calculated (red) and the computed
meridional transport using pressurefrom both the eastand west boundaries
(blue); (b) As in (a) but using pressurefrom the westernboundary only; (c)
As is (a) but using pressurefrom the easternboundary only.
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Figure 4: Testingthe geostrophiccalculation of the zonally integratedmerid-
ional transport variabilit y at 50� N in HadCM3: (a) The meridional transport
computed using pressurefrom both the east and west boundaries;(b) The
geostrophicallycomputed transport minus the actual transport; (c,d) As is
(a,b) but using pressurefrom the western boundary only; (e,f) As is (a,b)
but using pressurefrom the easternboundary only.
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Figure 5: (a-c) HadCM3 interannual bottom pressure, sealevel, and steric
height variabilit y acrossthe westernboundary of the North Atlantic at 50� N.
(d-f ) As in (a-c) but for the easternboundary. In the upper panelsthe dashed
line represents the position of the 1800misobathand the solid line the 3000m
isobath. In the lower panels the dashedline represents the 1800misobath
and the dotted line the 500misobath. (Note the due to the coarseresolution
of HadCM3 largedepth rangesare spannedby a singlecell sothesepositions
are only approximate.)
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events, there is little additional bottom pressurevariabilit y in the western
boundary region. This is in stark contrast to the sealevel and steric height
�elds (Figures 5b and 5c), from which bottom pressureis obtained. These
�elds show much more interannual variabilit y, and, at �rst sight, do not
show a clear relationship with the two large transport 
uctuations. Sealevel
variabilit y is dominated by steric height changes,and the steric variabilit y
is not obviously related to the transport strength. This is becausemuch of
the steric height variabilit y, particularly toward the higher frequencies,is due
to density changesin the upper several hundred metres, whereasthe large
transport 
uctuations depend on changesin density that reach much deeper
in the water column.

We now employ the method of compositing to reveal the relationship
betweeneach of the three �elds and the transport strength asrepresented by
the timeseriesTU . A high composite of a �eld F relative to a timeseries� is
the meanof F for all times when � is greater than somearbitrary threshold
value � 0. The corresponding low composite is the mean of F for all times
when � is lessthan � � 0. (Later we refer to high-low composites. Theseare
formed simply by subtracting the low composite from the high composite.)
If the timeseriesis of su�cien t length, variabilit y unrelated to the process
characterisedby the referencetimeseriescan be averagedout, thus revealing
any relationship betweenthe composited �eld and the processof interest.

Here we usea threshold value of 1Sv. The high and low compositesof
the �elds over the western boundary are shown in Figures 6a and 6c. The
bottom pressurecomposites(red) con�rm the relationship already apparent
in the Hovm•oller plot; Enhancedtransport variabilit y is associated with a
shoreward decreasein bottom pressureand an increaseon the lower part of
the continental slope, which gradually falls to zero toward the deepocean.
The opposite situation occurs when the transport is relatively weak. The
steric height �eld (blue) shows the opposite relationship with the transport
strength. A sizeablenegative gradient arisesin association with a more vig-
orous transport. In contrast to both the bottom pressureand steric height
�elds, the seasurfaceheight composites(green)do not develop strong gradi-
ents in association with strongor weakstatesof the transport. This is telling,
given that the sealevel is, in general,dominated by steric height variabilit y.
It suggeststhat the sealevel height gradient produced by the density �eld
is not sustainable,and so there is an adjustment that acts to 
atten the sea
surface. This point will be signi�cant for our discussionof the dynamics in
Section6.

To highlight the di�erent natures of the variabilit y on the easternand
westernboundaries,wenow considerthe high and low compositeson the east-
ern boundary (Figures 6b and 6d). The magnitude of the bottom pressure
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Figure 6: Compositesof anomalousbottom pressure(red), sealevel (green),
and steric height (blue). (a) High compositesover the westernboundary. (b)
High compositesover the easternboundary. (c,d) As for (a,b) but for the
low composites. Composites(seetext for method) are basedon the index TU

de�ned in the text with a threshold value of 1Sv.
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variabilit y hereis generallygreater than on the westernboundary. Compari-
sonwith Figure 4econ�rms that this pressurevariabilit y correspondsto the
shallower component of the meridional transport, lost when we neglect the
easternboundary. However, asdiscussedpreviously, this component appears
to be localised,and not representativ e of the more signi�cant, meridionally
coherent component of the transport, as revealedby the EOF analysis. As
on the western boundary, the pressurevariations on the easternboundary
appear to result from an adjustment of the seasurfaceto eliminate the gra-
dient acrossthe slope that would result from the steric height alone. This
is clear in the easternboundary composites(Figures 6b and 6d), where we
seehow the sealevel is primarily steric eastof 14.5 � W, but to the west the
steric height drops while the sealevel 
attens out. This di�erence manifests
itself as the observed bottom pressuresignal.

Sincetheseeasternboundary compositesare basedon TU , which, re-
call, is well determinedfrom the westernboundary pressure,it would appear
there is somerelationship betweenthe pressureon the two boundaries.Fig-
ures7 and 8 set the variabilit y at the boundariesin the wider context of the
variabilit y acrossthe entire basin. As expected,the basinwide sealevel vari-
abilit y is dominatedby steric processes,with bottom pressuregenerallysmall
in comparison. Unlike sealevel, bottom pressuredisplays a closerelation-
ship with the basin topography, with the largest bottom pressurevariations
occurring at the boundaries,and, to a lesserextent, at other featuresof the
mid-ocean topography. Two characteristics of the steric component of the
sealevel stand out: First, there is the long period, out of phasebehaviour be-
tweenthe western and easternhalvesof the basin: While the easternbasin
is warmer, the western basin is cooler, and vice versa. Second,superim-
posedon this are apparently eastward propagating anomalies,which appear
to crossthe basin in approximately four years. Presumably theserepresent
density, primarily temperature, anomaliesadvected in the meancirculation.
Note that we do not seein theseplots much evidencefor westward propaga-
tion such as might arise from Rossby waves. This is to be expectedat high
latitudes.

The tendency of the basin to be zonally anti-correlated helps explain
the apparent relationship betweenthe pressureson the easternand western
boundaries. The density composite (Figure 8d) shows that during times of
more vigorousoverturning the easternhalf of the basin is generallywarmer
and lessdense,while the opposite is true of the western half of the basin.
This is consistent with more relatively warm water coming from the south
and enhancedcooling in the western subpolar basin. The anomalousden-
sity structure explainsthe form of the steric height and sealevel composites
(although notice somewhatof an asymmetrybetweenthe high and low com-
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posites with the east-west di�erence more pronounced in the caseof the
high composite.) As will be discussedin section 6, on the western bound-
ary, the positive density anomaly over the slope leads to a sharp increase
in steric height (for the high composite) as the coast is approached, further
enhancedby the anomalouslywarm surfacelayer. On the easternbound-
ary the opposite occurs. The steric anomaly (again for the high composite)
rapidly decreasestoward the coast,although note that in this casethe den-
sity anomaly does not meet the topography as it does on the west. As a
result, there is a smaller change in steric height over the topography, and
consequently, a much smaller easternboundary pressurechangeand associ-
ated transport variation. The pressurevariabilit y that doesarise is due to
the density anomaly that seemstrapped near the surfaceagainst the eastern
boundary and the strong steric height gradient it produces. This is clear
in comparing the composites,and is apparent in the Hovm•oller diagram by
the tendencyof the sealevel and steric height closeto the coast to take the
opposite sign to the interior.

5 High resolution model analysis

Determining an underlying mechanism for the transport variabilit y at 50� N
in HadCM3 is somewhathamperedby the low resolution of the model. To-
wards this end, we now turn to the OCCAM model, which hasmuch higher
resolution in both the horizontal and vertical directions. Figure 9 shows, that
at 50� N in OCCAM, as in HadCM3, the primary determinant of meridional
transport variabilit y is the westernboundary pressure.The skill of the trans-
port calculation for the upper and lower layersusing only westernboundary
pressureis 94%. And the standard deviation of the di�erence between the
directly computedtimeseriesand the timeseriescalculatedfrom the western
boundary pressureis 0.39Svfor both the upper and lower layer transports.
(For the un�ltered casethe skill and standard errors scoresfor the upper
layer are 74% and 0.93Svand for the lower layer they are 57% and 1.63Sv.
The reasonsfor this degradation are as for 42� N, as discussedin Bingham
and Hughes[2008])

Usinghigh-low composites,we�nd, asin HadCM3, that associatedwith
a strengthenedmeridional transport at 50� N, there is a signi�cant increasein
density, reaching a depth of 2500mon the westernslope (seeFigure 10a,and
an enlargement of the westernboundary region in 10b; This enlargement is
repeatedfor each of the rows in Figure 10). The anomalousdensity increase
also extendsonto the shelf and into the basin to 35� W, but with much less
penetration. A similar composite of temperature (not shown) reveals that
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this density change is due to cooling of the water column. In contrast, on
the easternboundary there is very little anomalousdensity signal.

Corresponding to the changein the density �eld, we alsoexpect to seea
changein sealevel. High-low compositesof sealevel, stericheight andbottom
pressure,are shown in Figures 10c and 10d. The �rst point to note is that
in the interior ocean,eastof about 50� W, the sealevel variations associated
with transport 
uctuations are almost entirely due to changesin the density
of the water column. The cooling of the water on the western slope results
in a drop in steric height here, with a maximum drop of 12cm near 45� N;
the point of maximum penetration of the density signal. The reduction in
the magnitudeof the positive density anomaly, coupledwith the fact that in
the interior the increasedmeridional transport is associated with warming of
the upper waters between35-20� W, results in a steady increasein sealevel,
reaching a peak of 9cm at 29� W. Continuing eastward, the �rst and second
drops in sealevel clearly correspond to positive density anomalies.

In addition to the steric component of sealevel, there is also a small
barotropic component, which appearsat the bottom as a pressureanomaly
(Figures 10c and 10d, red). As was found at 42� N [Bingham and Hughes,
2008],it is only on the westernside of the basin, in this casewest of 45� W,
where the bottom pressureis signi�cantly di�erent from zero. Over the
narrow interval on the westernboundary, wherebottom pressuredetermines
the meridional transport, we seethat the bottom pressurerepresents a small
modi�cation to the steric dominated sealevel signal. Initially increasingin
magnitude above the upper part of the slope, bottom pressurethen falls as
depth increases,crossingzero near the 1300m isobath. On the shelf, the
steric height is negligible, and the 3cm sealevel anomaly associated with a
positive meridional transport anomaly is almost entirely barotropic.

Clearly, on average,an increasein the meridional transport at 50� N is
associated with a strong density signal along the westernboundary at 50� N.
To seehow this density signal evolvesover time, we plot, in Figure 11a, the
density pro�le from 50� N, 48 � W. Note that no �ltering hasbeenapplied to
this timeseries.As Figures11band 11cmake apparent, the dominanceof the
low frequencymode of meridional transport variabilit y at 50� N results from
the low frequencynature of the density signal below the �rst few hundred
metresof the water column and the pressuresignal that is associated with it.
Associated with the increasingdensity of the water column, seasonalactivit y
near the surfacebecomesincreasinglyvigorous and there is a deepening of
the mixed layer.

22



0

1000

2000

3000

4000

de
pt

h 
[m

]

�50 �40 �30 �20 �10

�0.10�0.08�0.06�0.04�0.02 0.00 0.02 0.04 0.06 0.08 0.10
kg/m3

(a)
0

1000

2000

3000

4000

�54 �53 �52 �51 �50 �49 �48 �47 �46 �45

�0.10�0.08�0.06�0.04�0.02 0.00 0.02 0.04 0.06 0.08 0.10
kg/m3

(b)

�15
�12
�9
�6
�3

0
3
6
9

12
15

he
ig

ht
 (

cm
)

�50 �40 �30 �20 �10

(c)

�15

�12

�9

�6

�3

0

3

�54 �53 �52 �51 �50 �49 �48 �47 �46 �45

(d)

�12
�9
�6
�3

0
3
6
9

12

ve
l (

cm
/s

)

�50 �40 �30 �20 �10

Longitude °E

(e)

�12
�9
�6
�3

0
3
6
9

12

�54 �53 �52 �51 �50 �49 �48 �47 �46 �45

Longitude °E

(f)

Figure 10: Analysis of 50� N in OCCAM: (a) The di�erence betweenthe high
and low compositesof density at 50� N; (c) The di�erence betweenthe high
and low composites of sea level (black), steric height (blue), and bottom
pressure(red) at 50� N; (e, blue) The barotropic meridional velocity implied
by the density composite shown in panel (a). This is secondterm of RHS of
eq. (17); (e, red) The barotropic meridional velocity implied by the bottom
pressurein panel (b). This is the �rst term of RHS of eq. (17); (e, green)
The actual high-low composite of barotropic meridional velocity. (b,d,f ) As
in (a,c,e) but zooming in on continental slope. Composites basedon the
upper layer transport timeserieswith a threshold value of 0Sv.
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Figure 11: (a) A pro�le of density takenfrom the water columnon the western
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6 Underlying dynamics

How do the density changeson the western boundary lead to the observed
transport variabilit y? Or, more directly, how do the density changeslead to
the observed changesin bottom pressure?From Figure 10b we seethat, to a
�rst approximation, the (anomalous)density is horizontally uniform across
the slope. A high-low compositeof the density pro�le at 50� N, 48 � W is shown
in Figure 12a. As a change in density can not, in itself, produce a change
in bottom pressure,we know that, in the absenceof other processes,the
pressureanomaly at the ocean
o or is zero. The pressurepro�le (expressed
as equivalent cm of water thickness)is then given by

p(z) = � � � 1
0

Z z

� H
�dz 0: (9)

The pressurepro�le obtained from the density pro�le in Figure 12ais shown
in Figure 12b. We seethat the increaseddensity of the water column leads
to a decreasein pressureat each depth in the water column. The anomalous
pressuredecreasesin magnitude from 11.5cmat the surfaceto zero at the
bottom. The anomalouspressurenear the surfaceis, of course,the changein
steric height, seenclearly in Figure 10d, resulting from the increaseddensity.
Note that the pressurepro�le is nearly linear. This is becausethe vertical
changein density is relatively small down to about 2500m. In other words,
the vertical structure of the density anomaly is not important, and a similar
pressurepro�le could be obtained, to �rst order, from a density anomaly
constant in depth. We will usethis simpli�cation in our calculation below.

To clarify our thinking regardingthe relationship betweenbottom pres-
sure and density changeson sloping topography, we start by consideringan
illustrativ e, highly idealisedexample.Considera 
uid of uniform density in a
rectangularchannel (non-rotating) with a linearly slopingbottom, such that
it has the crosssectionshown in Figure 13. The pressureis simply given by
p(z) = � g�z , and the bottom pressureis given by pb = g�H , where H (x)
is the depth. (For this example, pressureand density are absolute, rather
than departures from time-means.) Now considerwhat happens when the

uid is uniformly cooled such that its density is uniformly increasedby � � .
We know that the surfaceheight will changeby someamount h(x), but the
bottom pressurewill not change. Hence�H = (� + � � )(H + h), which gives

h = �
� �

� + � �
H � �

� �
�

H: (10)

Given that the change in height is proportional to the initial water depth,
the surfaceheight will fall by more on the RHS of the channel than it does
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Figure 12: (a) The high-low composite of the pro�le of anomalousdensity
at 50� N,48� W. (b) The pressurepro�le computed from the high-low density
pro�le composite shown in (a).

on the LHS as illustrated by the dotted line in Figure 13. In the absenceof
balancingforces,this situation is, of course,unstable,and 
uid will 
o w from
left to right so that the surfaceis horizontal and there is a zero horizontal
pressuregradient (dashedline in Figure 13). While in the cooling phasethe
massof each water column was unchanged, in the subsequent equalisation
phasemassis lost from the left half of the channel and gainedby the right
half. Hence,there is a changein bottom pressure,with the pressureanomaly
increasing,linearly from somevalue � � pb on the LHS to � pb on the RHS.
The bottom pressurechangeis simply proportional to the changein surface
height during the equalisationphase:

� pb = g� 0(hA � (hA + hB )=2) = g� 0(hA � hB )=2: (11)

In reality, of course,the two phasesare concurrent and cannot be separated.
Naively applying the aboveanalysisto the situation at 50� N represented

in Figure 10d, with side A placed at 50� W and side B at 48� W, we have,
from the steric height composite (blue), hA = � 3cm and hB = � 12cm,
which gives � pb = 4:5cm (when expressedas a water thickness). Thus, our
very simple model predicts that given the observed changesin steric height,
the western boundary pressureanomaly should grow linearly from -4.5cm
on the shelf edgeto 4.5cmat 2300m. Surprisingly, given the simpli�cations
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and assumptionsmade { density uniform in x and z, linear bottom slope,
arti�cial easternboundary, neglectingrotation and other physics{ this value
is closeto the actual value of � 3cm seenin Figure 10d (red). There is also
someindication of the expected
attening of the sealevel, which is evenmore
apparent in the HadCM3 compositesof sealevel (seeFigures6a and 6c).

We shall now put the above simpli�ed model on a more securetheo-
retical foundation. In geostrophicbalance,the meridional component of the
depth-mean(barotropic) 
o w is given by:

f 0� 0v =
1
H

Z 0

� H
pxdz: (12)

Applying Leibniz's rule allows the righthand integral to be written as:

Z 0

� H
pxdz =

@
@x

Z 0

� H
pdz� Hxpb (13)

Substituting into this the following expressionfor pressureas a function of
depth,

p(z) = pb �
Z z

� H
g�dz 0; (14)

we obtain Z 0

� H
pxdz = H (pb)x + Px ; (15)

whereP is the potential energyof the water column

P =
Z 0

� H
g�z dz: (16)

Finally, from the geostrophicbalancewe seethat the barotropic meridional
velocity is given by:

v =
1

f 0� 0

�
(pb)x + Px=H

�
(17)

So we seethat a given potential energygradient, scaledby depth, will lead
to a barotropic velocity (and non-zero,depth-meantransport) to the extent
that it is not balancedby an opposinghorizontal gradient in bottom pressure.
In other words, to say that the horizontal pressuregradient is not balanced
by a corresponding geostrophic
o w (either becausethe implied transport is
unfeasibly large, or becausewe are consideringa non-rotating scenario,as
in the simpli�ed exampleabove) is to say that the potential energygradient
(scaledby depth) is balancedby the horizontal (and thereforedepth) gradient
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in bottom pressure.A barotropic adjustment occurs to limit the barotropic
velocity that would otherwisearise from the anomalousdensity �eld.

For a homogeneousdensity anomaly, as just assumed,it is straight-
forward to show that the RHS of (17) reducesto g� x=f 0. So no balancing
geostrophicvelocity implies a zero surfaceheight gradient, as we have seen
occurs for the simple non-rotating channel. Even though the simple analy-
sis above gave a reasonableanswer when applied to the OCCAM composite
�elds (indicating a somewhathomogeneousdensity �eld over the slope), the
density anomaly clearly varies both vertically and laterally, and so the sur-
facegradient resulting from a barotropic adjustment will not, in general,be
exactly zero. Also the barotropic velocity may not be exactly zero.

However, that the bottom pressureis indeeda local barotropic balanc-
ing response to the pressuregradients implied by the density �eld over a
sloping topography is clearly demonstratedin Figures 10eand 10f. On the
westernslope, the southward barotropic velocity implied by the density �eld
(red), given by the secondterm of the RHS of (17), is largely balancedby a
northward barotropic velocity (blue) given by the �rst term of the RHS of
(17). And, asexpected,the actual barotropic velocity over the slope (green)
is closeto zero.

7 Discussion and conclusions

The zonally integrated transport at a particular latitude and depth is related
through geostrophy to the di�erence in pressurebetweenthe east and west
boundaries. In this paper we have sought to understandhow thesepressure
di�erences arise. In the �rst instance,our analysisof HadCM3 con�rms our
earlier result from OCCAM [Bingham and Hughes, 2008] that the interan-
nual meridional transport variabilit y at latitudes north of 40� N is primarily
determinedby the bottom pressureon the westernboundary. This suggests
that this is a featureof oceanmodelsin general.Statistical analysislinks this
relationship betweenbottom pressureand meridional transport with changes
in density on the western continental slope. Yet, the mechanism by which
density changescanleadto variations in pressureis not immediately obvious.
With the aid of a highly idealisedconceptualmodel we have shown how a
uniform density changein a body of water in a channelwith a slopingbottom
can lead to a changein bottom pressurethrough the restoration of the equi-
librium condition of a zerohorizontal pressuregradient; The initial pressure
gradients arising becauseof the proportional relationship betweenchangein
surfaceheight and initial water depth. Finally, we showed that for a more
realistic situation this simpli�ed model can be theoretically encapsulatedas
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a balancebetweenthe barotropic meridional velocity, the zonal derivative of
the potential energy change of the water column (scaledby water depth),
and the zonal derivative of the bottom pressure.On the western boundary,
the strong density anomaly combines with the steep slope to amplify the
potential energy term, which is primarily balancedby the bottom pressure
gradient becausethe implied barotropic velocity is not possible.

We have seenthat the relationship between density and the bottom
pressureensuresthat the barotropic velocity over the slope due to variations
in the density �eld is small (of course,wind induced barotropic transports
area di�erent matter). Onecanseethat in the mid-oceana density anomaly
doesnot result in net transport. It is only wherethe density anomaly meets
the topography that a net transport can arise. Therefore, the only alterna-
tive to a bottom pressureadjustment to ensuremassconservation would be
an opposing density anomaly meeting the easternboundary. While this is
possible,there is no underlying dynamical constraint to ensureit. Therefore,
in general, it will not be the case. Thus, we seethat the bottom pressure
anomaly must arise to ensuremassconservation.

As with all modelling studies,onecan questionthe realism of physical
processeshypothesisedon their basis. The fact that the samemechanismap-
pearsin two independent modelssuggeststhat the result is generalto ocean
models. However, one may still ask whether transport variabilit y in mod-
els is a realistic representation of what happens in the real ocean. Perhaps
the transport variabilit y in the oceanhas quite di�erent characteristicsand
is produced by entirely di�erent means. As discussedbelow, this question
can only be de�nitiv ely settled with observations, although, in reality, their
sparsenesscan still leave interpretations open to question. That said, su�-
cient observations exist to examinethe realismof oneof the key components
of our proposedmechanism, namely the density variations on the western
boundary.

We have shown that the proximate causeof transport variabilit y in the
models is the strong density changesthat occur over the western slope. It
is appropriate to ask, therefore,whether such changesare realistic, and also
whether the lack of such changeson the easternboundary is realistic. Deal-
ing �rst with the latter point, it is not unreasonableto supposethat, at high
latitudes, density variations with signi�cant depth penetration on the east-
ern boundary are small in comparisonwith thoseon the western boundary,
sincethis where deepwater is either formed or soon transported to by the
deepwestern boundary current. Comprehensive observations of the hydro-
graphicstructure of the westernsubpolar North Atlantic havebeenpublished
by Yashayaev[2007]. Comparing his Figure 5 with the anomalousdensity
pro�le from OCCAM (seeFigure 11) shows that both the amplitude of the
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density variation, and the depth to which the cold density anomaly pene-
trates, are not unrealistic. Sincethesefactors are critical to the magnitude
and form of the pressureanomaly that drivesthe transport variabilit y in our
hypothesis,the observations from the Labrador Sealend support to our pro-
posedmechanism for transport variabilit y. It is also worth noting that the
temporal evolution of the density �eld in OCCAM, particularly the increas-
ing density anomaly from the early to mid 90s,follows quite closelythat of
the observations. Given that Yashayaev[2007]and othershave linked this to
the NAO, the similarity indicates that OCCAM goessomeway to a realis-
tic representation of subpolar ocean'sresponseto the prevailing atmospheric
conditions.

A critical factor in our proposedmechanism is the interaction of the
density �eld with the sloping topography. Perhapsthe limited resolution of
the models usedin
uences our results. One possibility is that the modelled
anomalousdensity �eld is more homogeneousthan is the case in reality.
However, it is probably reasonableto assumethat variations in the density
�eld, particularly at interannual timescales,are large relative to the width
of the continental slope. This is particularly true if, as appears to be the
casefrom both tide gaugesand altimetry, the slope acts to suppresseddy
variabilit y [Unal and Ghil , 1995;Bingham and Hughes, 2009].

Although our hypothesisedmechanismfor transport variabilit y depends
on the interaction of density with topography, it should not be confused
with JEBAR (Joint e�ect of baroclinicity and topography) introduced by
Sarkisyanand Invanov [1971].While this may play somerole in the dynamics
of this region, it doesnot impact on our considerations,since,by de�nition,
the transport is purely along geostrophiccontours.

The focusof this study hasbeenon an understandingof the geostrophic
dynamicsof transport variabilit y. Yet, it clearly hasimplications for how we
should monitor the MOC. First, our results indicate that subpolar latitudes
are less a�ected by localised, higher frequency variabilit y that potentially
a�icts lower latitudes. Therefore, comparedwith the transport variabilit y
observed at subtropical latitudes [e.g. Cunningham et al., 2007], the trans-
port variabilit y at subpolar latitudes may give a clearerpicture of any low-
frequency, meridionally-coherent variabilit y, which is perhapsnearerto what
is intendedby the phrase\MOC variabilit y". Second,in con�rmation of our
earlier results [Bingham and Hughes, 2008],we have shown that at subpolar
latitudes transport variabilit y can largely be determined from observations
from the western boundary. Finally, our results suggestthat the transport
variabilit y canbe recoveredfrom observations of the density �eld alone. Bot-
tom pressureis not required. This is potentially of great bene�t becausethe
tendencyof bottom pressurerecordersto drift limits their usefulnessfor long
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term monitoring.
In apparent contradiction to our earlier work with OCCAM [Bingham

and Hughes, 2009],in HadCM3 we do not �nd a strong relationship between
coastalsealevel and the strength of the meridional transport. In OCCAM,
the steric component of sealevel goesto zeroat the coastand sothe sealevel
and bottom pressurebecomeidentical (Figure 10d) leading to a closerela-
tionship between the meridional transport variabilit y and coastal sealevel.
Figure 10ashowsthat this is becausethe density anomalyassociatedwith the
transport changesdoesnot penetrateentirely onto the shelf. In contrast, as
Figure 7 makesclear, coastalsealevel in HadCM3 re
ects mainly the steric
variabilit y of the interior. This seemsto be an issueof resolution. HadCM3
doesnot adequatelyresolve the shelf, its width, and perhapssomephysical
processessuch as a shelf currents that act as a barrier to the interior steric
signal.

In conclusion,we have described how interannual variations of the zon-
ally integrated transport at 50� N in the North Atlantic can arise primarily
from deeplypenetratingdensity anomaliesover the westerncontinental slope.
Critically , the slope acts to amplify the zonal gradient of potential energy,
which is then balancedby an acrossslope bottom pressuregradient and ac-
companying changesto the meridional transport, ensuringmassconservation
acrossthe basin. While bearing in mind that results from models are never
conclusive, our analysisshedsnewlight on the nature of meridional transport
variabilit y in the subpolar North Atlantic, and suggestspossiblestrategies
for detecting changesin the meridional overturning circulation.

App endix: Sea level in HadCM3

For a free surfacemodel, sealevel � is a prognostic variable, and a readily
available model �eld. However, HadCM3 is a rigid-lid model. This compli-
cates matters because� , or rather the pressureexerted by lid ps = g� 0� ,
must be diagnosedafter the fact from other model output. It can be shown
that the surfacepressuresatis�es the following Poissonequation:

r 2ps = � 0(r � Z � (k � r  t )=H); (18)

whereZ is the depth-meanbaroclinic acceleration(de�ned shortly),  t is the
time-derivative of the barotropic streamfunction (streamfunction tendency),
and H is the water column height (seeGregory [1993]). For HadCM3, equa-
tion (18) is usually solved iterativ ely usingsuccessive over relaxation (SOR).
However, we have now establishedthat the solution obtained by this method
is inaccurate. While the error is small relative to the rangeof the variations
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in sealevel, it becomesapparent when we di�erence the computedsealevel
from the steric height (computed directly from the density �eld) to obtain
bottom pressure.Becausebottom pressurerepresents a small deviation from
the steric dominated sealevel variations, particularly over the open ocean
and for interannual timescales,its calculation is sensitive to small relative
errors in the sealevel solutions. In turn, errors in pressurewill propagate
into the geostrophiccalculation of meridional transport. (This is how we
found the SOR-calculatedrigid-lid pressureto be inaccurate.) Fortunately,
it is possibleto determinethe zonal variations in the surfacepressureat any
particular latitude more directly. And, sincewe do not require absolutesea
level for the geostrophicmeridional transport calculation, zonal variations
are su�cien t.

To derive the requiredsealevel di�erences,we start by usingthe hydro-
static balanceto substitute for p in the zonal component of the momentum
equation (on the beta-plane). This allows us to write

ut = u0
t � ps

x=� 0; (19)

where the x subscript denoteszonal di�erentiation (similarly, below, the y
subscript denotesmeridional di�erentiation). In this expressionu0

t refers to
the baroclinic component of the accelerationand is given by

u0
t = � u � r u + f v �

g
� 0

Z 0

z
�dz 0+ F u; (20)

where v is the meridional component of the velocity u, f is the Coriolis
parameter and F u is the zonal component of friction. The accelerationcan
be written asu = û + u whereu is the depth averagevelocity de�ned by

u =
1
H

Z 0

� H
udz: (21)

If follows that ps
x=� 0 = u0

t � ut = u0
t � ut � ût . However, ût = u0

t � u0
t since

ps = ps. Hence
ps

x=� 0 = u0
t � ut : (22)

Since,under the rigid-lid approximation, the depth integrated 
o w is non-
divergent we have

(H u)x + (H u)y = 0: (23)

So we can de�ne a streamfunction such that H u = �  y . Finally, therefore,
we can write

ps
x=� 0 = u0

t �
1
H

( y)t : (24)
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From here, the Poissonequation can be derived by combining the equation
with a similar equationfor the v component of the momentum equationcross
di�erentiation [e.g.Bryan, 1997]. However equation (24) is su�cien t for our
needs.

Assuming that on the easternboundary where x = xE we have ps =
ps

E = � 0� E . Integrating equation (24) west from the easternboundary, and
using ps = g� 0� , then yields an equation for sealevel relative to the value on
the easternboundary:

� (x) = �
1
g

Z x

xE

(u0
t �

1
H

( y)t )dx0+ � E (25)

Of course,the valueon the easternboundary� E remainsundetermined. How-
ever, sinceequation (8) involvesonly relative valuesof � e and � w, it is clear
that this is not a problemfor the determination of the depth-dependent com-
ponents of the transport, or, importantly in the context of our analysis,for
separatingthe easternand westernboundary components of the meridional
transport.
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